Abstract Marine boundary layer (MBL) aerosol particles affect the climate through their interaction with MBL clouds. Although both MBL clouds and aerosol particles have pronounced seasonal cycles, the factors controlling seasonal variability of MBL aerosol particle concentration are not well constrained. In this paper an aerosol budget is constructed representing the effects of wet deposition, free-tropospheric entrainment, primary surface sources, and advection on the MBL accumulation mode aerosol number concentration (N a ). These terms are then parameterized, and by assuming that on seasonal time scales N a is in steady state, the budget equation is rearranged to form a diagnostic equation for N a based on observable variables. Using data primarily collected in the subtropical northeast Pacific during the MAGIC campaign (Marine ARM (Atmospheric Radiation Measurement) GPCI (GCSS Pacific Cross-Section Intercomparison) Investigation of Clouds), estimates of both mean summer and winter N a concentrations are made using the simplified steady state model and seasonal mean observed variables. These are found to match well with the observed N a . To attribute the modeled difference between summer and winter aerosol concentrations to individual observed variables (e.g., precipitation rate and free-tropospheric aerosol number concentration), a local sensitivity analysis is combined with the seasonal difference in observed variables. This analysis shows that despite wintertime precipitation frequency being lower than summer, the higher winter precipitation rate accounted for approximately 60% of the modeled seasonal difference in N a , which emphasizes the importance of marine stratocumulus precipitation in determining MBL aerosol concentrations on longer time scales.
Introduction
Aerosol particles play a crucial role in the climate system through their interactions with clouds. Though extensively studied, these aerosol-cloud interactions remain the largest source of uncertainty in our understanding of anthropogenic climate forcing (Myhre et al., 2013) . Marine low clouds are of particular interest as they have a strongly negative radiative effect due to their warm bright nature (Hartmann et al., 1992; Wood et al., 2012) . More importantly, they represent a large fraction of low-aerosol concentration environments that have nonetheless been influenced by anthropogenic aerosol emissions (Hamilton et al., 2014) . Given that the potential strength of aerosol-cloud interactions is greater in cleaner environments, evidenced, for instance, by the saturation of cloud albedo susceptibility to aerosol increases for high aerosol loading (Platnick & Twomey, 1994) , the remote marine boundary layer represents a strong lever for aerosol-climate interactions (Pringle et al., 2012) forced by anthropogenic aerosol emissions. We focus in this paper on aerosol particles in the subtropical marine boundary layer (MBL), in particular, the Californian stratus region as identified by Klein and Hartmann (1993) . This region has been the subject of much modeling study (e.g., Bretherton & Wyant, 1997; Lilly, 1968; Sandu & Stevens, 2011) and observational scrutiny (e.g., Albrecht et al., 1988; Lewis & Teixeira, 2015; Lu et al., 2007; Stevens et al., 2003) . As the boundary layer advects south and west over warmer waters, it deepens, which is a result of the imbalance between free-tropospheric subsidence and cloud-top entrainment and in turn results in the mixing of free-tropospheric air into the boundary layer. The boundary layer is also influenced by surface fluxes of energy, moisture, and aerosol, as well as cloud and drizzle processes including aerosol processing by clouds. Previous work seeking to explain aerosol variability has given insight into the roles of some of these processes with respect to aerosol concentrations. Katoshevski et al. (1999) used a box model to represent aerosol particles in the MBL, explicitly including secondary particle formation, free-tropospheric entrainment, surface fluxes, and cloud processing. They found that the number concentration of MBL aerosol is dominated largely by free-tropospheric entrainment (70%-90% of particles) with surface fluxes of aerosol accounting for the majority of the remainder. Clarke et al. (2006) compared estimated free-tropospheric aerosol flux to surface aerosol flux under a simple model assuming a fixed free-tropospheric aerosol concentration and found that the MBL aerosol sourced from the surface varied between 5% and 90% of all MBL aerosol particles depending on assumptions of entrainment rate and wind speed. Painemal et al. (2015) , using data from the Marine ARM (Atmospheric Radiation Measurement) GPCI (GCSS Pacific Cross-section Intercomparison) Investigation of Clouds (MAGIC) field campaign (see section 3) on which this paper is based, examined seasonal differences in aerosol particles and attributed them to differences in seasonal atmospheric circulation. A one-point correlation analysis showed a link between 1,000 hPa zonal wind off the California coast and near-coastal cloud droplet number concentrations (N d ) derived from the Moderate Resolution Imaging Spectroradiometer (MODIS) satellite. Combined with a climatologically stronger coastal jet in summertime, the study suggested a predominantly transport-driven seasonal difference; higher summer aerosol concentrations can be explained by enhanced transport of continental aerosol. Wood et al. (2012) modeled MBL aerosol using a simplified steady state equation, very similar to that described in section 2, balancing precipitation-driven loss against aerosol sources from the free troposphere and sea surface, using values derived from the VAMOS Ocean-CloudAtmosphere-Land Regional Experiment (VOCALS-REX) off the coast of South America. The study compared longitudinal variations in observed MBL droplet concentration to model-derived values, varying assumptions about free-tropospheric aerosol and precipitation. Results indicated that the observed N d concentration gradients were predominantly caused by the gradient in MBL precipitation when more than 500 km offshore, with free-tropospheric aerosol being a more important contributor near the coast, suggesting that precipitation is the main driver of remote MBL aerosol variability over the southeast Pacific.
From past literature, there appears to be no clear answer to which processes control aerosol variability. We explore this question by examining the seasonality of MBL aerosol. We focus on the MBL as it represents a region where aerosol concentrations are most important for climate, and on the seasonal cycle because it represents a large fraction of natural variability in cloud macrophysical (Klein & Hartmann, 1993) and microphysical properties (Bennartz & Rausch, 2017) . Additionally, many of the aerosol-controlling processes have strong seasonal signals, leading to a number of possible explanations for the large observed aerosol seasonality. We quantify the extent to which seasonal differences in separate aerosol-controlling variables explain the observed aerosol seasonal differences by building a steady state model of MBL aerosol particle number concentration (section 2). Observations of input variables are taken from primarily from the MAGIC campaign (section 3) and are used to assess the ability of the model to capture observed seasonal aerosol variability (section 4.1). Results from a partial derivatives-based method for attributing seasonal aerosol concentration differences to different controlling variables are presented (section 4.2), and their implications are discussed (section 5).
Steady State Aerosol Budget Model
Derivation of an equation for the steady state seasonal mean accumulation mode aerosol particle number concentration N a follows the same form as in Wood et al. (2012) ; we write a simplified aerosol budget equation and represent terms with suitable parameterizations based on observable quantities, then assume that considered seasonally the time derivative of aerosol is negligible, and rearrange the budget to be diagnostic for N a .
Aerosol Budget Equation
We can formulate the time evolution of N a integrated across a suitable range of particle diameters with the following equation:
These terms refer, respectively, to aerosol tendencies due to surface fluxes, free-tropospheric entrainment, net growth of particles into the diameter range through condensation/coagulation, dry deposition, precipitation, and secondary aerosol formation, with an advective term implicit in the left-hand side. We can further 10.1002/2017JD027443 simplify the budget by eliminating smaller terms. In particular, we do not consider the aerosol growth, dry deposition, and secondary formation terms. For submicron aerosol, dry deposition is a very slow process and will not contribute significantly to aerosol loss over the ocean compared to the precipitation losses for the range of precipitation rates in this study (Henzing et al., 2006; Wood et al., 2012) . While aerosol growth may be significant for a particular aerosol diameter range, if we consider accumulation mode (d lower = 80 nm) aerosol (hereafter N a ) modally, the growth term reduces to the growth from the smaller Aikten mode into the accumulation mode (and negligible growth out of the upper limit of 1 μm). While some work has shown this to be a significant term (e.g., Kaufman & Tanré, 1994) , we lack the observations necessary to constrain the growth term and acknowledge that this is a source of potential error. Considering aerosol number >80 nm, under observed MBL conditions, is roughly equivalent to considering cloud condensation nuclei (CCN) at 0.2% supersaturation with a hygroscopicity parameter = 0.6 (for ranging from 0.1 to 1, the lower N a would range from 70 to 105 nm, see Petters & Kreidenweis, 2007) . Lastly, while the importance of secondary aerosol formation is still disputed, with some evidence that it can be significant, it is most likely that new particle formation is only relevant in ultraclean conditions, when total aerosol surface area and number concentration is low (Capaldo et al., 1999; Clarke et al., 1998) . Observations show that concentrations of condensation nuclei (CN, D < 10 nm) are low in ultraclean layers (UCLs) compared to non-UCL conditions, suggesting that even in these conditions new particle formation is not likely a major source of N a (Tomlinson et al., 2007) ; modeling of MBL clouds done by Kazil et al. (2011) also indicates that while secondary aerosol formation does produce a large number of aerosol particles in clean MBL conditions, these particles are too small to immediately act as CCN and sea spray aerosol provides enough particles to maintain clouds, and so we do not consider secondary aerosol formation in this work. However, any new particle nucleation and growth in the free troposphere will be implicitly included in the free-tropospheric entrainment term. A further complication is vertical aerosol distribution; the formulation in equation (1) assumes that aerosol is homogeneous in a well-mixed boundary layer. In fact, we observe some vertical structure within the marine boundary layer and can correct for some of the effects of this gradient (see section 3.1); focusing on longer time scales allows for the use of a correction factor to address this, as boundary layer mixing occurs on a time scale less than a day (Bretherton et al., 1995) .
The simplified budget therefore requires some representation of precipitation scavenging, sea surface sources, entrainment from the free troposphere, all described in the following sections, and advection of aerosol. The last of these is described in section 3.3.
Precipitation Scavenging
Precipitation removes aerosol from the boundary layer both through direct scavenging of unactivated aerosol by falling raindrops (in the subcloud layer) and through the coalescence of cloud droplets (in the cloud layer). First-order loss rate parameterizations have been developed for each of these processes (Henzing et al., 2006; Wood, 2006) , and for typical MBL stratocumulus rain rates, a comparison of these parameterizations shows that subcloud scavenging is several orders of magnitude smaller than coalescence scavenging as a result of the low collection efficiency for aerosols in accumulation mode size ranges (Greenfield, 1957) , so we consider only the latter using the formulation given by Wood (2006) , which describes the boundary layer average cloud droplet loss through coalescence (approximately equal to the loss of N a ) as a function of the cloud base precipitation rate:
Here K is a fit constant, P cb is the cloud base precipitation rate, h is the cloud layer thickness, z i is the boundary layer depth, and N a is the activated aerosol concentration. The assumption that N d can be approximated as N a is valid if all aerosol particles above 80 nm act as CCN (which requires a supersaturation of at least 0.2% and reasonably hygroscopic particles), and further that all CCN become cloud droplets. The former is supported by the presence of the Hoppel minimum (Hoppel et al., 1986) at the lower size limit used in this study; the latter is discussed in Wood et al. (2012) and demonstrated to be a reasonable assumption for the MAGIC region in Painemal et al. (2015) . We also ignore in this paper the potential subcloud evaporation of drizzle. While this process would negate the loss of aerosol mass from the boundary layer by reintroducing the aerosol encapsulated in the evaporated droplet, the effect on aerosol number concentration is to release on the order of one large particle back into the atmosphere (Mitra et al., 1992) . Given the potentially thousands of cloud droplets (and therefore aerosol particles) incorporated into this drizzle droplet, the aerosol budget source term from subcloud evaporation can safely be ignored.
Sea Surface Source
At the air-sea interface, breaking of wind-generated waves leads to bubble bursting and the production of small droplets of water, which evaporate and leave behind haze particles, which can be lofted above the surface layer. This is a primary aerosol source, as opposed to the eventual oxidation and condensation into particulate matter of gaseous compounds emitted from the sea surface such as dimethyl sulfide. These primary aerosol particles are a mix of sea-salt aerosol and particulate organic matter from the sea surface and are collectively referred to as sea spray aerosol (SSA). Clarke et al. (2006) showed that the bulk of aerosol particles between 50 nm and 8 μm are thermally stable and grow under humidified conditions (and therefore likely contain sea salt) and derived a size-resolved sea surface aerosol source function from observations of coastal breaking waves; when combined with the fractional whitecap parameterization based on near-surface wind speed U 10 by Monahan et al. (1986) , this yields a wind-dependent sea surface aerosol generation function. To further reduce this to a single source function for N a , we integrate the source function from a minimal critical aerosol particle diameter d crit to the 8 μm upper limit, and to convert from a flux to a number concentration source term, we divide by the depth of the boundary layer z i , leading to the resulting equation:
The methodological uncertainty from this approach is estimated by Clarke at 50%. The sea surface source function 
Free-Tropospheric Entrainment
At the top of the subtropical marine boundary layer, subsidence of lower free-tropospheric air is partly counteracted by entrainment of free-tropospheric air into the boundary layer (Lilly, 1968) ; the imbalance between these two processes, with entrainment rates being 25% to 30% higher than subsidence , leads to downwind deepening. Ignoring transient terms the steady state entrainment rate can be estimated using the following equation:
Here U is the wind at the inversion height, w s is the subsidence rate at the inversion, and ∇z i is the horizontal gradient in inversion height. This incorporation of free-tropospheric air dilutes the boundary layer, warming and drying it. The effect on aerosol concentration is proportional to the difference in aerosol concentration across the inversion and the rate of entrainment; in the remote marine boundary layer, free-tropospheric entrainment is usually considered to be a net source of cloud-forming aerosol number to the boundary layer (Katoshevski et al., 1999) and is calculated (using N ft to denote the free-tropospheric aerosol concentration) as
Steady State Assumption
The steady state assumption that we apply here assumes that considered seasonally, MBL aerosol is fixed with sources and sinks in balance. This is true insofar as the total aerosol change over the course of a season is relatively small (roughly 50 cm −3 over 180 days, or 0.3 cm −3 d −1 ); however, within a season, aerosol is clearly not fixed. Nevertheless, it is useful to consider a steady state model, as it allows us to assess relative contributions of seasonal differences of precipitation, wind speed, etc., to aerosol mean state. We further only use seasonal means (based on the MAGIC summer and winter cruises, see section 3.1) of each model variable. The largest error arising from this model assumption is expressed in the covariance terms of, for example, observed aerosol and precipitation; this is discussed further in section 5.
To build a steady state equation for aerosol, we consider the budget equation built from the four terms we consider here and set the time derivative of aerosol to zero. We then substitute in the parameterizations of the source and sink terms and rearrange for the MBL aerosol concentration (equation (7)). We test the model
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by comparing seasonal observations of N a against diagnostic estimates of N a using this equation combined with seasonal mean observations of the variables on the right-hand side, discussed in the following section.
3. Data Sets
MAGIC Campaign
The Marine ARM (Atmospheric Radiation Measurement, program of the U.S. Department of Energy) GPCI (GCSS (GEWEX (Global Energy and Water Cycle Exchanges) Cloud System Study) Pacific Cross-section Intercomparison) Investigation of Clouds (MAGIC) was a deployment of the Second ARM Mobile Facility (AMF2), an instrumentation/data systems package, on the cargo ship Horizon Lines Spirit. The purpose of the campaign was to provide a high-resolution, multi-instrument, interseasonal data set for MBL study as well as model validation and constraint (Atmospheric Radiation Measurement (ARM) Climate Research Facility, 2013a Facility, , 2013b Facility, , 2013c Facility, , 2013d Lewis & Teixeira, 2015) . The campaign consisted of 20 journeys between Long Beach, California (hereafter Los Angeles or LA), and Honolulu, Hawaii (hereafter HI), forming 40 "legs," with westward "A" legs and eastward "B" legs. Legs 02A through 08B took place from late September 2012 to January 2013 (winter campaign), while Legs 10A through 19B took place from May to September 2013 (summer campaign), with no operational data from Legs 1 and 20. Each transect had a length of roughly 4,100 km, taking 5-7 days per leg (B legs were slower by 1-2 days). Outbound and return journeys both approximately followed the great circle route from LA to HI. Zhou et al. (2015) show both the ship and route taken for MAGIC (their Figure 1) .
For the bulk of the analysis performed, we subset the MAGIC data by longitude and consider only the central region from 145 ∘ W to 130 ∘ W. This focus on the central region is due to the clear observed seasonal differences in aerosol number concentration and reduced continental influence. In section 4.3 we explore the sensitivity of our results to this domain. The easternmost region, closest to the continental United States, is dominated by a strong offshore aerosol gradient, while the central region is characterized by a weaker aerosol gradient and high cloud fraction (>50%), with the western region having a lower mean cloud fraction (Painemal et al., 2015) . By comparing between these three regions, we can examine how features such as the aerosol size distribution or precipitation distribution vary by longitude (Figure 1 ).
The Marine Meteorological measurement (MARMET) data set contains the "best estimate" 1 min average time series of standard meteorological near-surface observations aggregated from various instruments in the MAGIC AMF-2 package, including air temperature, pressure, relative humidity, wind speed, and direction. These instruments were placed on the Spirit radar platform, roughly 27 m above sea level, near the bow of the ship. For the 10 m winds required for SSA flux estimation, we use the wind speeds corrected for ship motion provided in MARMET. As these are measured at 27 m, we apply a log-layer correction assuming a roughness length of 0.1 mm, appropriate for wind speeds between 5 and 10 m s −1 (Bretherton et al., 1995) , which resulted in roughly an 8% reduction in wind speed to estimate U 10 .
During the MAGIC cruises, radiosondes attached to weather balloons were nominally launched four times daily at 0, 6, 12, and 18 UTC for a total of 550 usable atmospheric soundings. From these we were able to derive a value for boundary layer thickness z i using the Heffter criteria (Heffter, 1980) ; this places the boundary layer top at the level where the inversion-base-to-level potential temperature jump is greater than 2 K, with the inversion defined as where the gradient in potential temperature is never less than 5 K km −1 . Also used is a bulk Richardson number measure for estimating boundary layer thickness; this is used only to compare observational consistency with reanalysis data between different methods.
The Ultra-High Sensitivity Aerosol Spectrometer (UHSAS) is an optical spectrometer, measuring particles with a dry diameter between 60 nm and 1 μm in 100 logarithmically spaced bins. We calculate the total aerosol count N a by summing over all bins with D > 80 nm to be consistent with the supersaturation assumptions in section 2, as well as aerosol mass (which requires assuming an aerosol density of 2,160 kg m− 3 , the density appropriate for sea-salt aerosol). While 100 nm is more commonly used as a lower threshold for the accumulation mode, based on the observations shown in Figure 2 , we choose 80 nm to include the lower end of the mode and can do so without including the Aikten mode tail. To correct for differences between surface and boundary layer mean concentrations, we multiply by a factor 0.9, determined from vertical profiles taken during the Cloud System Evolution in the Trades (CSET) campaign (see section 3.2). Figure 2 shows the size distribution over all legs, from which it is clear that the UHSAS captures the accumulation mode in its entirety (centered at 150 nm). Figure 2a shows N a along each leg. To address the issue of occasional sampling of fresh ship emission in the data (leading to brief spikes of concentrations up to 10,000 cm −3 ), an hourly median filter is used on the raw UHSAS time series, and data within 150 km of harbors are not used. 3.1.1. Rain Rates From MAGIC As discussed in section 2.2, coalescence aerosol loss rate estimation requires knowledge of the cloud base precipitation rate. One way to estimate this is to simply take the surface precipitation rate measured by rain gauges; however, as this neglects significant possible subcloud evaporation (Comstock et al., 2004) , and these observations suffer from complications due to ship motion and flow distortion, these are a poor estimate especially for lighter rain rates. Precipitation rates are instead derived from the 35 GHz Doppler K a band ARM zenith radar (KAZR) reflectivity retrievals. These retrievals are at a vertical range resolution of approximately 30 m up to a height of 20 km, and at a temporal resolution of roughly 2.7 Hz. The cloud base reflectivity is assumed to be represented by maximum reflectivity below 4 km so as to not consider any non-MBL clouds. To arrive at a precipitation rate, a Z-R relationship is needed; selecting which relationship depends on the precipitation regime in question, as different parameterizations are calibrated under different conditions, though they commonly follow a power law form Z = aR b for constants a and b (R measured in mm h −1 ). To address the regime dependence of different Z-R forms, we derive a new one with varying a and b parameters. For a few sample days within MAGIC, spanning a range of precipitation regimes, we use joint radar/lidar retrievals of precipitation derived using the technique described in O' Connor et al. (2005) using the AMF2 Vaisala ceilometer. These retrievals are only accurate up to precipitation rates up to approximately 3 mm h −1 , determined by comparing to surface precipitation measurements. We then fit a second-order polynomial through the cloud base log reflectivity and cloud base log precipitation rate so that our final Z-R relationship is quadratic instead of linear in log-space. This relation has the form ln(R) = ln(Z) 2 + ln(Z) + and is shown in Figure 3a in comparison to two other Z-R parameterizations (in our fit, = −0.01, = 0.6, = −2.4). The first is for light precipitation which comes from Comstock et al. (2004) , where radar reflectivities from a millimeter-wavelength cloud radar were combined with rain rates derived from an evaporation-sedimentation model, and has the form Z cb = 25R 1.3 cb . This parameterization was fit to reflectivities between −20 and 5 dBZ. The second Z-R relationship for heavier precipitation is the Marshall-Palmer formation (Marshall & Palmer, 1948) , which has the form Z sfc = 200R
1.6 using surface drop size distributions. While this is a parameterization for surface precipitation, we assume that it is valid under heavy rain rates. Our Z-R fit to the O' Connor et al. (2005) retrievals has the benefit of matching the Comstock et al. (2004) relationship for lower reflectivities (dBZ < 5), but for higher reflectivities it curves toward the Marshall-Palmer relationship and so is applicable for a larger span of precipitation rates. Figure 3b shows the cumulative distribution of rain rates, split by season. We can see here the higher precipitation rate in winter. More critically, the separation between summer and winter curves comes from cloud base rain rates more representative of drizzle and light rain (<1 mm h −1 ), indicating that the higher mean winter rain rates are not caused by sparse but more heavy rain events, but rather by a more frequent occurrence of light rain events compared to summer. In addition to the three radar-inferred precipitation rates, results from the ECMWF are shown for completeness; this model has been shown to overestimate precipitation occurrence in marine boundary layer clouds (Ahlgrimm & Forbes, 2014) . Radar-based intensities are taken from 1 min averages, while model intensities are from hourly averages, which will contract the distribution toward the daily mean.
Entrainment Rate and Boundary Layer Depth
In a stratocumulus-topped boundary layer with strong subsidence, such as that found often in the MAGIC region, the top of the boundary layer is well defined by a strong temperature inversion and gradient in moisture; as such the notion of "boundary layer depth" is well defined and spatially fairly homogeneous. In a broken trade cumulus regime with a decoupled boundary layer, this notion is less clearly defined, with generally a weak decoupling inversion below a subsidence-driven inversion; moisture fields are also spatially more heterogeneous. As a result, estimates of the boundary layer depth are dependent on the metric used. For the MAGIC campaign, a special data set derived from the European Centre for Medium-Range Weather Forecasting (ECMWF) numerical weather prediction model was obtained, referred to as MAGECMWF. This product consists of diagnostic data model output in two forms: a 0.5 ∘ × 0.5 ∘ gridded product spanning 15 ∘ N-40 ∘ N and 165 ∘ W-115 ∘ W (i.e., encompassing the entire MAGIC domain) and a two-dimensional along-ship path product for each MAGIC cruise, based on nearest-neighbor selection from the higher-resolution native model grid. Both products are vertically resolved on ECMWF model levels and contain standard variables (u, v, , q, and T); additionally, some relevant diagnostic surface/one-dimensional variables are provided. This data set is used for all large-scale data except free-tropospheric aerosol fields.
For comparison in the MAGIC region, we calculate the boundary layer depth from both observations (sondes) and reanalysis (MAGECMWF) using both the aforementioned Heffter method z iH (Heffter, 1980) and the bulk Richardson number method for z iR used by ECMWF (Vogelezang & Holtslag, 1996) . Figure 4 shows the comparison between the different techniques. The first feature of note is the discrepancy between z iH and z iR ; the latter fails to capture the expected gradient in boundary layer thickness caused by the warmer surface and weakening subsidence toward the west and south, which is consistent with Seidel et al. (2010) . This is likely caused by the Richardson method tracking the top of the surface mixed layer instead of the higher subsidence inversion (McGibbon & Bretherton, 2017) , and as a result we use the Heffter method for estimating z i in the remainder of this work. The second feature of note is the general consistency between reanalysis and observations, at least in picking up the large-scale gradient without significant bias.
MAGECMWF also includes cloud base height z cb and boundary layer thickness z i from a parcel model as diagnostic outputs. From this we can derive the cloud layer thickness (h = z i − z cb , if z cb < z i ).
As shown in equation (4), the entrainment velocity can be estimated using the subsidence velocity w s and the advection of boundary layer thickness z i . The former is obtained from the MAGECWMF data as the vertical velocity at the inversion height z i (converted from pressure tendency to vertical velocity using the ideal gas and hydrostatic equations). The latter is calculated from the gridded ECMWF winds at the estimated top of the boundary layer and the gradient of z i , calculated using a 1 ∘ centered difference method. Mean subsidence rate was 2.7 mm s −1 , and mean entrainment rate was 3.4 mm s −1 .
Estimating Free-Tropospheric Aerosol
A key term in the aerosol budget is the entrainment of free-tropospheric (FT) aerosol. This presents a complication, as there are no in situ or remotely sensed measurements of FT aerosol from the MAGIC Campaign. Instead, we derive this quantity using reanalysis submicron aerosol mass and in situ free-tropospheric aerosol observations from the Cloud System Evolution in the Trades (CSET) study, an aircraft-based campaign using the NSF/NCAR ( of ferry legs at each end of the flight, with approximately 2,000 km of profiling and sampling from the lower MBL through the inversion to the free troposphere in the middle of each flight; additionally, flights were planned such that the MBL air masses sampled on the outbound flight were tracked as they advected downwind and then resampled on the return flight. Most relevant for this work is that the CSET instrumentation package included a UHSAS (see section 3), allowing for accurate measurements of submicron aerosol distributions throughout the depth of the boundary layer and extending into the free troposphere.
Aerosol reanalysis data were acquired from the Modern-Era Retrospective analysis for Research and Applications, Version 2 (MERRA-2) (provided by the National Aeronautics and Space Administration Global Modeling and Assimilation Office (NASA GMAO) (NASA GMAO, 2015) ). This reanalysis uses the Goddard Earth Observing System Model, Version 5 (GEOS-5) for model physics and dynamics; aerosol dynamics are integrated using the Goddard Chemistry, Aerosol, Radiation and Transport (GOCART) model (Chin et al., 2002) to explicitly resolve 15 radiatively interactive aerosol tracers from 5 different species (black carbon, organic carbon, dust, sea salt, and sulfates). Aerosol are assimilated from ground-and space-based aerosol observations of aerosol optical depth from the Moderate Resolution Imaging Spectroradiometer (MODIS), Advanced Very High Resolution Radiometer (AVHRR), Multiangle Imaging Spectroradiometer (MISR), and the Aerosol Robotic Network (AERONET) (Bosilovich et al., 2015) . Aerosol reanalysis output fields are 3-hourly, vertically resolved, on a 0.5 ∘ × 0.625 ∘ grid, spanning 2008 to present.
Using MERRA-2, we estimate submicron aerosol mass above the inversion along the ship path, using z i from MAGECMWF (Heffter method). Mass of carbon and sulfate species from MERRA-2 are summed together with submicron mass of dust and sea salt. Since the budget equation (1) requires free-tropospheric aerosol number concentration, and not mass, a calibration and correction of the MERRA-2 data is required using CSET UHSAS aerosol data. We first select all CSET UHSAS observations from flight portions above the MBL inversion (including ferry legs at 6100 m and lower free troposphere legs at 1200 m above the inversion), calculate accumulation mode aerosol (N ft , D > 80 nm), and smooth to median hourly estimates. We then extract corresponding MERRA-2 mass M by interpolating using the height, latitude, and longitude from the CSET flight data. A regression of the form N ft = aM b is fit to the resulting data ( Figure 5 ). This can now be used to estimate FT aerosol for MAGIC by applying the regression to MERRA-2 mass interpolated to the MAGIC ship track at z i . This has the limitation of potentially underestimating FT aerosol variability (as the FT aerosol estimates have lower variance due to the relatively low spatial and temporal resolution of the reanalysis when compared to in situ observations) but at least has some skill in predicting aerosol and should capture FT aerosol variability on large (e.g., seasonal) scales. As a final correction, we add a pressure correction factor of 10% to account for the difference in volume of a parcel at the height of FT aerosol estimation (roughly 1.5 km) and that parcel brought to the surface where our MBL aerosol observations are made.
MODIS Estimates of Aerosol Advection
A complication arises from consideration of a steady state advective term. In general, in the region in question, winds in the boundary layer blow down the mean aerosol gradient, leading to a nonnegligible mean advection of aerosol particles. This term appears in the right-hand side of equation (7), and so we must estimate it independently. We do so by considering cloud droplet number concentration N d derived from MODIS (aboard the Aqua satellite) cloud liquid water path and cloud effective radius (see Eastman & Wood, 2016 , for details on method). We then use monthly mean 950 hPa winds from ECMWF reanalysis with monthly N d to calculate a map of advection on a monthly time scale. Summer and winter values for the advective term are calculated by sampling advection along the MAGIC ship track between the specified longitudinal bounds (145 ∘ W to 130 ∘ W in the base case) then averaging over the MAGIC summer/winter seasons. This has the benefit of being less noisy than looking at daily data but does not represent advection on shorter time scales than monthly. The estimates were insensitive to filtering N d scenes by cloudiness. 
Results

Model Assessment Using Northeast Pacific Seasonal Cycle
We calculate model aerosol concentrations using seasonal mean observations of all variables in equation (7) for summer and winter as defined in section 3.1 and compare these to seasonally averaged observations of N a . The results are shown in Figure 6a for both seasons, with summer and winter estimated concentrations of 86 cm −3 and 53 cm −3 , respectively. We estimate the uncertainty in seasonal means of variables using a bootstrapping method. First, we estimate the effective degrees of freedom N * of a particular time series of length N using the Bretherton et al. (1999) method to account for autocorrelation, then we use a moving block bootstrap method with replacement, with block length determined by N∕N * to generate 1,000 realizations of the time series and a corresponding distribution of means. The 95% confidence interval is taken as twice the standard deviation of this distribution (shown in Table 1 ), marked by the error bars in the figure. These error bars account only for the sampling uncertainty in taking the seasonal mean, not the additional uncertainty in deriving estimates of variables.
The accuracy of the steady state model is measured by the difference between the observed aerosol and the estimated aerosol from the steady state equation. The seasonal difference is captured with higher aerosol estimated in summer, though summer N a is underestimated by roughly 15% (101 cm −3 observed compared to 86 cm −3 estimated, though within uncertainty estimates). We can also estimate the tendency due to each of the terms in equation (6) by substituting the estimated MBL aerosol concentration back; these are shown in Figure 6 as well and highlight some of the aerosol processes captured by the model. We also plot the observed free-tropospheric aerosol number concentration for ease of visualization of the cross-inversion aerosol difference. The wind-generated source of SSA tendency is the simplest to analyze, as there are no modeled feedbacks between wind and aerosol. Summer winds are higher by roughly 15%, but due to the 3.41 exponent in the SSA flux, this results in almost a doubling of the daily aerosol tendency from 5 cm −3 to 9 cm −3 (though partially compensated for by the increased wintertime variability). Interestingly, even though the summer entrainment rate is more vigorous, the aerosol tendency due to entrainment is near zero in summer; this is due to the smaller aerosol difference across the inversion present in both the model and observations. These tendency terms cannot be directly used to attribute differences in aerosol concentration to particular processes (that is instead done in section 4.2). For instance, while the tendency term for precipitation (equation (2)) shows only a small seasonal difference, this is due to the lowered winter aerosol concentrations, which counteracts the nearly doubled winter precipitation rate. The precise partitioning of aerosol source between wind and entrainment is somewhat sensitive to longitudinal domain, though we note that both terms contribute a roughly equal share to the mean state aerosol. Lastly, the advective term contributes a sizable amount and demonstrates clear seasonal differences, which is quantified in the next section.
Attribution of Seasonal Aerosol Differences
Given that entrainment, advection, precipitation, and wind combine to contribute to the modeled summer aerosol being approximately 30 cm −3 higher than winter, we would like to divide up this difference between the individual effects of these four processes. Using cloud base precipitation as our example variable, we do so by first calculating the sensitivity of N a with respect to cloud base precipitation. This involves first analytically calculating the partial derivative of equation (7) to get an expression for N a P cb and then evaluating this expression using both summer and winter conditions from Table 1 to account for some of the nonlinearity in the derivative, as it is itself dependent on, for example, entrainment velocity. The two values obtained from this are used as uncertainty bounds in Figure 7 , and the sensitivity is taken as the average of the two. This is then multiplied by the seasonal difference in precipitation rate to get a total change due to the effect of changing precipitation from summer to winter values. We can further calculate what fraction of the total change is contributed by this variable by dividing by the sum of all changes; this calculation is repeated for every variable in equation (7). Note that for some variables, the effect of changing this variable in isolation is opposite in sign to changing all variables from summer to winter values. For example, the cloud layer is slightly thicker in summer, which would act to decrease aerosol concentrations (due to the calculation of the precipitation loss, which includes a dependency on cloud thickness in addition to precipitation, see equation (2); since the summer modeled aerosol concentration is higher, the effect of changing cloud thickness is negative. However, the variables for which this is the case (cloud thickness, boundary layer thickness, and free-tropospheric aerosol concentration) have only marginal summer-winter differences and so these opposing effects are small.
Considering the formulations of each of the budget terms, we can group together different variables to simplify results; when trying to evaluate the effect of precipitation, for instance, it is logical to consider both the precipitation rate and cloud thickness effects together as they both contribute to the total precipitationdriven aerosol particle loss, resulting in a mean "precipitation" effect of 71% (38%) of the seasonal aerosol concentration differences, partial derivative evaluated in summer (winter). Similarly, the effect of entrainment of free-tropospheric aerosol particles can be seen as the net impact of contributions from the entrainment velocity and the free-tropospheric aerosol concentration, resulting in an "entrainment" effect of −5% (23%); likewise, the sea surface flux effect (using solely the wind speed) is 17% (13%) of the total difference, Figure 6 ). The east-west summer gradient is captured by the model, though it is consistently biased slightly low relative to observations and overestimates the gradient in the winter remote marine boundary layer, most notably by underestimating wintertime concentrations in the western region. and the advective effect (considering both the size of the advection and MBL depth, from equation (7) is 17% (26%) of the total modeled aerosol concentration difference.
Domain and Input Sensitivity
To assess the robustness of the model's performance to domain, we perform the same analysis but shift the domain east and west by 10 ∘ . This results in 5 ∘ overlap but has the benefit of keeping the sample size roughly the same. These shifts also avoid the model domain getting too close to either Hawaii or California, where observed aerosol concentrations can be affected by extremely high coastal concentrations not representative of the MBL. Figure 8 shows the results for the eastward and westward shift, respectively. We see that in the east shifted domain, closer to California, the modeled aerosol concentrations are lower than observations for both winter and summer but display the same seasonality. Modeled aerosol concentrations match the seasonal difference and overall magnitude well, with a slight overestimation in both seasons; however, the sampling uncertainty estimates are large enough to render the modeled difference statistically insignificant; this is largely due to high uncertainty in free-tropospheric aerosol concentrations. Attribution analysis showed the seasonal difference to be explained roughly 50% each by seasonal differences in wind speed and precipitation. Farther west, the model results show a strong seasonal difference, which is not present in observations; the same attribution analysis showed the modeled seasonality to be mostly (roughly 50%) due to differences in precipitation with smaller contributions from advection (19%) and entrainment rate (18%).
We also assess model sensitivity to input variables by perturbing each variable in equation (7) by its 2 sampling uncertainty, as estimated from the bootstrapping described in section 4.1. This lets us determine which variables are contributing the most to the uncertainty in model results. This is fairly evenly spread between variables; the advective term contributes just over 20% of uncertainty, and wind speed, precipitation, entrainment velocity, and free-tropospheric N a all contribute between 15% and 20%.
Summary and Discussion
Using a simple steady state model derived from an aerosol budget, forced with reasonable estimates of input variables constrained by observations, we can reproduce the observed seasonality of MBL aerosol concentrations, as well as to some extent the longitudinal gradient in aerosol concentrations. This simple approach allowed us to piece apart contributions to seasonal aerosol variability due to different variables. We found that precipitation differences explain most of the seasonal differences in aerosol concentrations, followed in decreasing importance by advection, near-surface wind speed generating SSA, and entrainment of free-tropospheric aerosol. The finding that higher summertime advection is also an important process is consistent with Painemal et al. (2015) , although we do not find advection differences to be the primary driver. These results will be useful in furthering modeling and parameterization efforts of MBL aerosol processes and explaining observed aerosol variability in the subtropical MBL. The conclusion that precipitation is a strong driver of seasonal variability in MBL aerosol concentrations is not necessarily generalizable to other time scales. Precipitation has a large seasonal cycle, and on synoptic or diurnal time scales other variables such as boundary layer depth may have a stronger effect on N a .
With our model we underestimate MBL aerosol more in summer than in winter. One possible explanation for this might be found in the aerosol size distributions in Figure 2 , where we note that in summer, there appears to be more of a secondary maximum at the smallest size particles that is not present in the winter observations. This suggests a larger abundance of smaller accumulation and Aikten mode particles in summer, which would result in a larger summer growth term from coagulation Aikten mode particles (equation (1)); as this term is not considered in our budget, it may help explain the larger summer underestimation. The model overestimation of the aerosol gradient between 155 ∘ W and 130 ∘ W highlights the limitation of the steady state assumption. As shown in Figure 4 , where the difference between the inversion height diagnosed using the bulk Richardson number and Heffter method can be taken as a rough estimate of boundary layer decoupling, the boundary layer is generally better coupled in summer; this has also been more thoroughly explored by Zhou et al. (2015) . This difference is more evident farther west, and the model assumption of a well-mixed steadily drizzling boundary layer is less applicable. Instead, precipitation will be more episodic in a decoupled boundary layer, which is consistent with the model overestimating precipitation sinks in the wintertime western domain due to the nonlinear dependence of the steady state aerosol concentration on precipitation. Another measure of the applicability of the steady state assumption is the size of covariance terms, which are neglected in the budget. As an example, we can expand part of the precipitation loss term as NP = N P + N ′ P ′ ; we approximate the left-hand side with only the first right-hand side term and neglect the covariance term. For precipitation, in particular, we expect these two quantities to be anticorrelated, both because precipitation is an aerosol sink, and by precipitation susceptibility arguments (Feingold & Siebert, 2009; Terai et al., 2012) , precipitation should be weakened by higher aerosol concentrations. Therefore, by ignoring the covariance term, we are overestimating the effect of precipitation removal of aerosol. As the covariance term is roughly 14% of the mean state terms and opposite in sign, explicitly representing it would lower the aerosol loss due to precipitation. This may account for the consistent underestimation of aerosol in both summer and winter ( Figure 6 ). Roughly adjusting for these covariance terms does not qualitatively change the results presented here. Despite these limitations, the steady state approach laid out in this paper appears to reasonably model observed aerosol concentrations, and the model used is a simple tool for estimating effects of different meteorological variables on mean state MBL aerosol number concentrations. The approach also highlights the role of entrainment as a buffer to precipitation. Given that the summer and winter free-tropospheric aerosol concentrations were nearly identical and summer entrainment rates were higher, we nevertheless see a larger entrainment source term in winter due to the larger aerosol gradient across the inversion; the stronger wintertime precipitation sink is partially buffered by entrainment.
Although in this work we are primarily interested on using direct observations as much as possible, future work will focus on evaluating model performance on interannual and regional scales using reanalysis and satellite observations.
